
Annual Review of Environment and Resources

The Ocean Carbon Cycle
Tim DeVries
Department of Geography and Earth Research Institute, University of California, Santa Barbara,
California, USA; email: tdevries@geog.ucsb.edu

Annu. Rev. Environ. Resour. 2022. 47:317–41

First published as a Review in Advance on
July 25, 2022

The Annual Review of Environment and Resources is
online at environ.annualreviews.org

https://doi.org/10.1146/annurev-environ-120920-
111307

Copyright © 2022 by Annual Reviews. This work is
licensed under a Creative Commons Attribution 4.0
International License, which permits unrestricted
use, distribution, and reproduction in any medium,
provided the original author and source are credited.
See credit lines of images or other third-party
material in this article for license information

Keywords

carbon cycle, ocean carbon, CO2 chemistry, carbon pumps, biological
pump, anthropogenic CO2

Abstract

The ocean holds vast quantities of carbon that it continually exchanges with
the atmosphere through the air-sea interface. Because of its enormous size
and relatively rapid exchange of carbon with the atmosphere, the ocean
controls atmospheric CO2 concentration and thereby Earth’s climate on
timescales of tens to thousands of years.This review examines the basic func-
tions of the ocean’s carbon cycle, demonstrating that the ocean carbon in-
ventory is determined primarily by the mass of the ocean, by the chemical
speciation of CO2 in seawater, and by the action of the solubility and biolog-
ical pumps that draw carbon into the ocean’s deeper layers, where it can be
sequestered for decades to millennia. The ocean also plays a critical role in
moderating the impacts of climate change by absorbing an amount of car-
bon equivalent to about 25% of anthropogenic CO2 emissions over the past
several decades. However, this also leads to ocean acidification and reduces
the chemical buffering capacity of the ocean and its future ability to take
up CO2. This review closes with a look at the uncertain future of the ocean
carbon cycle and the scientific challenges that this uncertainty brings.
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1. INTRODUCTION

Carbon plays a central role in Earth’s life and climate systems. It is the basic currency of chemical
energy in living organisms (1), and in the form of CO2 is an important greenhouse gas in the
atmosphere that helps to regulate Earth’s climate (2, 3). The atmosphere and biosphere, however,
are not the primary reservoirs of carbon in the Earth system (Figure 1). The largest reservoir of
carbon is the solid Earth, which holds nearly 100,000 times as much carbon as the atmosphere,
while the ocean is the second largest reservoir of carbon, with roughly 60 times as much carbon
as the atmosphere. The exchange of carbon between these major reservoirs and the atmosphere
and biosphere constitutes the global carbon cycle (Figure 1). Understanding and quantifying this
cycle are among the primary aims of modern Earth system science.

The ocean plays a very important role in the global carbon cycle. It is the largest reservoir of
carbon that readily exchanges with the atmosphere, and it hosts a diverse biosphere that cycles
through nearly as much carbon as the entire terrestrial biosphere (Figure 1). Because of its
vast size and relatively rapid exchange of CO2 with the atmosphere, the ocean is the dominant
natural control on atmospheric CO2 concentrations on timescales of decades to millennia (16,
17). On very long timescales (>1 million years), the atmosphere, biosphere, and ocean can be
considered one single carbon reservoir whose inventory is regulated by the immense reservoir
of the solid Earth through weathering and volcanic activity (7). By contrast, rapid exchange with
the terrestrial biosphere through photosynthesis and respiration controls the atmospheric CO2

concentration on seasonal (18) to interannual timescales (19). This review therefore focuses on
the intermediate timescales (decades to millennia), in which the ocean is the most important
natural control on atmospheric CO2.

Over the past 2,000 years, the atmospheric CO2 concentration has exhibited two distinctmodes
(Figure 2). Prior to the start of the industrial revolution (∼1780), the atmospheric CO2 concen-
tration was relatively steady at roughly 280 ppm.Over this multimillennial time span, the flows of
carbon into and out of the atmosphere were closely balanced, and the atmospheric CO2 concen-
tration was regulated by exchange with a nearly unchanging ocean. Since then, the atmospheric
CO2 concentration has been steadily increasing due to the combustion of fossil fuels, which has
powered economic development over the past 250 years (Figure 2). This industrial activity rep-
resents a massive acceleration in the natural release of carbon from geological reservoirs and has
impacted all of the carbon reservoirs that exchange with the atmosphere, including the ocean.

The purpose of this review is to assess the state of the ocean carbon cycle and its role in reg-
ulating the atmospheric CO2 concentration, both in the steady state of the preindustrial era and
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A schematic diagram illustrating Earth’s contemporary carbon cycle (for the year 2020). Carbon inventories are based on estimates of
geological carbon in limestone and shale rocks (including a comparatively small reservoir of fossil fuels) (4), carbon biomass in the
ocean (5), the carbon inventory of terrestrial biomass and soils (5, 6), and atmospheric CO2 and oceanic dissolved inorganic carbon
(DIC) concentrations from contemporary observations (Table 1). Carbon fluxes between reservoirs are based on estimates of CO2
emissions from volcanoes and metamorphism (7), CO2 consumption by silicate weathering (8) and carbonate weathering (4), carbon
burial in oceanic sediments (9), outflow of carbon from terrestrial environments to the ocean via rivers (10, 11), and release of CO2
from fossil fuel combustion (12). Terrestrial net primary production (NPP) estimates are based on a meta-analysis (13), and terrestrial
respiration is inferred as the residual between the contemporary net flux of CO2 between the atmosphere and terrestrial biosphere from
Reference 12 and the terrestrial NPP. Marine NPP estimates are based on a model from Reference 14, and marine respiration is
assumed to be in balance with NPP due to a lack of direct estimates. Air-sea gas exchange fluxes are from the Global Carbon Budget
2020 (15). All of the numbers in this diagram are uncertain, with uncertainties ranging from ∼10% (combustion, ocean and atmosphere
carbon inventories) to ∼30% (NPP, respiration, and gas exchange) to nearly 100% (river fluxes, weathering, and
burial).

in its contemporary anthropogenically perturbed state. Accordingly, this review examines CO2

chemistry in seawater and the equilibrium partitioning of CO2 between the ocean and atmo-
sphere (Section 2); the ocean carbon pumps and the mechanisms maintaining them (Section 3);
and the response of the ocean to anthropogenic change, including through the oceanic uptake
of anthropogenic CO2 (Section 4). This review concludes with a look at the future of the ocean
carbon sink and highlights some of the major gaps in our understanding of the ocean carbon cycle
(Section 5).

There are aspects of the ocean carbon cycle that by necessity fall outside the scope of this
review. These include interactions of the ocean dissolved inorganic carbon (DIC) reservoir with
other carbon reservoirs that could regulate the ocean carbon inventory and ocean chemistry on
multimillennial (>10,000 year) timescales, including the formation and dissolution of carbonate
sediments (22), the cycling of carbon through methane hydrates in marine sediments (23), and
carbon that is trapped in recalcitrant dissolved organic molecules in the ocean (24).
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(a, left) Atmospheric CO2 concentrations during the preindustrial era (0 AD to 1780) and (right) during the industrial era (1780 to
present). Atmospheric CO2 is based on ice core records from 0 AD to 1958 (20) and from direct measurements at the South Pole and
Mauna Loa, Hawai’i, United States, from 1958 to 2020 (21). (b) The time rate of change of atmospheric CO2, highlighting (left) a
preindustrial steady state prior to 1780 AD (mean atmospheric CO2 growth rate of 0 GtC year−1) and (right) the positive growth rate
of atmospheric CO2 over the industrial era, reaching a value of 4.76 GtC year−1 in the contemporary period (2001–2020, yellow).

2. CO2 SYSTEM CHEMISTRY AND THE EQUILIBRIUM PARTITIONING
OF CARBON BETWEEN THE OCEAN AND ATMOSPHERE

The chemistry of CO2 in seawater has been understood since the work of Buch in the 1930s (25,
26), with increasing analytical precision providing continued refinements to the understanding
of the chemical equilibria of the CO2 system in seawater (27, 28). This review does not examine
these developments in detail but uses this well-established chemistry, along with some simplifica-
tions, to present a conceptual model for how seawater CO2 chemistry influences the equilibrium
partitioning of carbon between the ocean and atmosphere. This conceptual model demonstrates
why the ocean has a far greater carbon inventory than does the atmosphere (Figure 1) and thus
plays a major role in determining the atmospheric CO2 concentration.

The air-sea exchange of CO2 regulates the connection between the ocean and atmospheric
carbon reservoirs. This exchange is driven by the diffusion of gaseous CO2 across the air-sea
interface (29), with the net exchange being proportional to the difference in the CO2 gas pressure
in air and seawater (30). Thus, it is closely tied to the solubility of CO2 in seawater (K0), which
determines the ratio of CO2 in aqueous solution in seawater to the partial pressure of CO2 in the
gas phase at chemical equilibrium:

K0 = [CO2]sw/pCO2,sw. 1.

320 DeVries



Equation 1 uses the partial pressure of CO2 (pCO2,sw, measured in microatmospheres) rather than
the more accurate fugacity of CO2, which takes into account the nonideal gas behavior of CO2.
The difference between partial pressure and fugacity is less than 1% (31) and is not important
for the simple conceptual models proposed here. Likewise, the partial pressure of CO2 is directly
related to its atmospheric concentration (mole fraction, or xCO2, measured in parts per million),
and for dry air with a pressure of 1 atm the two are equivalent. For air with 100% humidity, the
difference between pCO2 and xCO2 can be several percent (32).This reviewmakes the simplifying
approximation that the fugacity, partial pressure, and mole fraction are all equivalent and can be
used interchangeably.While this is acceptable for developing an intuitive understanding, for more
precise applications this may not be the case.

As CO2 solubility increases, the concentration of CO2 in aqueous solution increases for a given
partial pressure of CO2; conversely, the partial pressure of CO2 in seawater decreases as the sol-
ubility increases for a given concentration of CO2 in aqueous solution. Like most gases, the sol-
ubility of CO2 increases as the seawater temperature decreases, such that polar waters with a
temperature of 0°C have a solubility more than twice as large as that of equatorial waters with a
temperature of 25°C (31). The solubility of CO2 in seawater also depends on salinity, with higher-
salinity waters having lower solubility, but the limited range of salinity in the ocean compared to
temperature renders this effect small for most applications.

CO2 also reacts with seawater to form carbonic acid, H2CO3, which then dissociates in two
steps to bicarbonate, HCO3

−, and carbonate, CO3
2−, ions (28). The sum total of these is the DIC.

The distribution of dissolved carbon across the three DIC species is closely related to the seawa-
ter pH (32). As pH decreases, the buffering capacity of seawater weakens (33) and the proportion
of CO2 relative to bicarbonate and carbonate ions increases, while increasing pH has the oppo-
site effect. In the contemporary surface ocean, the pH is 8.11 ± 0.08 and the DIC/CO2 ratio is
160 ± 50. This chemical speciation of CO2 therefore effectively enhances the solubility of CO2

by a factor of ∼150, depending on the seawater pH. The resulting chemical equilibrium between
DIC and seawater pCO2 can be written as

F = [DIC]/pCO2,sw. 2.

This review refers to F as the seawater equilibrium carbon capacity. It is related to but distinct
from the buffer or Revelle factor, R, in that F measures the equilibrium ratio of DIC to pCO2,
while R measures the ratio of the relative change in pCO2 to the relative change in DIC (16,
34). It is therefore a measure of the equilibrium carbon balance rather than the response of the
system to changes in that equilibrium. For conceptual convenience, when discussing the air-sea
carbon balance, the units of F are mol air (kg seawater)−1, which uses the approximation that
pCO2 = xCO2.

Because seawater pH is tightly anticorrelated with pCO2 for typical seawater pH ranges (35),
F can be closely approximated as a function of pCO2,sw. To examine the relationship between
F and pCO2,sw, seawater pCO2 was calculated from measurements of seawater DIC and alkalinity
from the Global Ocean Carbon Data Analysis Project version 2 (GLODAPv2.2021) (36) using
the CO2 chemistry calculator CO2SYS (37). The results show that F is a hyperbolic function of
pCO2 over the range commonly found in seawater (100–1,000 µatm) (Figure 3). A least squares
fit shows that a hyperbola of the form

F = 0.23 + 2,233/(pCO2 + 34) 3.

fits the observations with an R2 of 0.98 and an RMS error of 0.18 mol air (kg seawater)−1

(Figure 3). For a preindustrial CO2 concentration of 280 ppm, the value of F is roughly 7.3 mol
air (kg seawater)−1. However, as pCO2 increases, the value of F decreases (Figure 3). This coin-
cides with a reduction of the carbon-buffering capacity of seawater at higher CO2 concentrations
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Figure 3

A schematic diagram illustrating a simple conceptual model of the ocean and atmosphere CO2 exchange, in which the ocean is treated
as a homogeneous carbon reservoir. The air-sea exchange of CO2 is proportional to the difference in the partial pressure of CO2 in the
atmosphere (pCO2,air) and seawater (pCO2,sw). CO2 in the ocean combines with water to form carbonic acid, which dissociates in
two steps to form bicarbonate (HCO3

−) and carbonate (CO3
2−) ions. (Inset) Plot showing the relationship between the seawater

equilibrium carbon capacity F (Equation 2) and seawater pCO2 from contemporary observations. Abbreviation: DIC, dissolved
inorganic carbon.

and lower pH (33). At a pCO2 of∼600 µatm, the value ofF is∼3.5, representing roughly a halving
of the equilibrium carbon capacity of seawater for a doubling of the pCO2.

The impact of this chemistry on the partitioning of carbon between the ocean and atmosphere
can be illustrated using a simple two-box model of the ocean-atmosphere system. In this simple
system, the ocean is approximated as a single well-mixed reservoir of DIC, with a concentration
of DIC. In this system, the total carbon inventory of the ocean is

Coce = MoceDIC, 4.

while the total carbon inventory of the atmosphere is

Catm = MatmpCO2,air, 5.
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Table 1 Metrics of the ocean and atmosphere carbon cycle

Value
Quantity (units) Preindustrial Contemporary Meaning

Moce (kg) 1.38 × 1021 1.38 × 1021 Mass of the oceana

Matm (mol) 1.77 × 1020 1.77 × 1020 Molar mass of the atmosphereb

xCO2,air (ppm) 280 410 Atmospheric CO2 concentration
DICs (µmol kg−1) 2,040 2,090 Average surfacec seawater DIC
DICd (µmol kg−1) 2,250 2,260 Average deep oceand DIC
F [mol air (kg seawater)−1] 7.2 – e Ratio of DIC/xCO2 at chemical

equilibrium
Coce (GtC) 37,100f 37,300g Total mass of inorganic carbon

in the ocean
Catm (GtC) 595 890 Total mass of carbon as CO2 in

the atmosphere

Abbreviations: DIC, dissolved inorganic carbon; GLODAPv2.2021, Global Ocean Carbon Data Analysis Project version 2.
aAssuming a global ocean volume of 1.34 × 1018 m3 from Reference 39 and a mean density of 1,036 kg m−3.
bUsing the mass of the dry atmosphere is 5.135 × 1018 kg (40) and molar mass of dry air is 2.896 g mol−1.
c0–200 m.
d200 m to seafloor.
eValue is not given because the ocean-atmosphere system is not presently at chemical equilibrium.
fBased on a mean ocean DIC value of 2,248 µmol kg−1 from GLODAPv2.2021 (36) corrected for anthropogenic DIC from
Reference 41.
gBased on a mean ocean DIC value of 2,248 µmol kg−1 from GLODAPv2.2021 (36).

withMoce the mass of the ocean andMatm the molar mass of the dry atmosphere (Table 1). The
timescale for this system to come to equilibrium through air-sea gas exchange is roughly 40 years
(scaling the estimate of Reference 38 of ∼1 year for a 100-m mixed layer to the full ocean depth),
and thus such a system could easily be in equilibrium at a preindustrial steady state (Figure 2);
in this equilibrium state, the seawater pCO2 and atmospheric pCO2 would be identical. Assuming
equilibrium, combining Equations 2, 4, and 5 yields the following expression for the ratio of the
size of the oceanic and atmospheric carbon reservoirs:

Coce

Catm
= F Moce

Matm
. 6.

The ratio of the mass of the ocean to the molar mass of the atmosphere is 7.8 kg seawater (mol
air)−1 (Table 1).

The simple expression in Equation 6 implies that, to first order, the partitioning of carbon be-
tween the ocean and atmosphere depends on the relative masses of the ocean and the atmosphere
and on the equilibrium carbon capacity of seawater, i.e., F . Equation 6, along with the simplified
expression for the carbon capacity of seawater in Equation 3, implies that at an atmospheric pCO2

of 280 µatm, the ratio of DIC to pCO2 would be 7.3 and the ratio of Coce to Catm would be roughly
56. This can be checked against the preindustrial oceanic DIC inventory, which is ∼37,100 GtC
(Table 1), and the preindustrial atmospheric carbon inventory of ∼595 GtC, for a ratio of ∼62.
The theoretical ratio derived from the two-box model is slightly less than the observed ratio but
within the same ballpark, illustrating the utility of this simple conceptual approach for under-
standing the partitioning of carbon between the ocean and atmosphere. However, if one speci-
fies the total carbon inventory of the ocean/atmosphere system at a preindustrial value of 3.2 ×
1018 mol C, Equations 3 and 6 imply an atmospheric pCO2 of 583 ppm, roughly twice the prein-
dustrial value of 280 µatm. Clearly, the two-box model is not entirely sufficient for understanding
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the equilibrium partitioning of carbon between the ocean and atmosphere, and even greater er-
rors are introduced when using this simple conceptual model to deduce the atmospheric CO2

concentration at equilibrium.

3. THE OCEAN CARBON PUMPS

In the simple system considered in Figure 3, the ocean is a well-mixed reservoir of inorganic
carbon exchanging with the atmosphere. In this simple system, the partitioning of carbon between
the ocean and atmosphere is determined by the equilibrium carbon capacity of theCO2 system and
the relative masses of the ocean and atmosphere. However, the real ocean is more complex. The
most important point neglected in that simple conceptual framework is that there are substantial
gradients in DIC in the ocean, in particular a strong vertical gradient with relatively low DIC
concentrations near the surface and higher concentrations at depth (Figure 4). These gradients
are maintained by the ocean carbon pumps, primarily the solubility and biological carbon pumps
(42), which are reviewed in Sections 3.1 and 3.2. The ocean carbon pumps play an important role
in regulating the partitioning of carbon between the ocean and atmosphere, and variations in their
strengths are expected to be the main driver of variations in atmospheric CO2 on the timescales
of millennia. For example, a stronger carbon pump is thought to be responsible in some capacity
for the much lower atmospheric CO2 concentration during the last glacial maximum (43–45).

The influence of the carbon pumps on the partitioning of carbon between the atmosphere and
ocean can be illustrated by revisiting the simple two-box ocean-atmospheremodel of Section 2 but
dividing the ocean into surface and deep layers.The difference between the surface and deep ocean
DIC concentration in the contemporary ocean is about 170 µmol kg−1, and in the preindustrial
ocean the gradient is over 200 µmol kg−1 (Table 1; Figure 4). In this system, the total ocean
carbon inventory is the sum of the surface ocean and deep ocean inventories,

Coce = Moce,sDICs +Moce,dDICd, 7.

where the s and d subscripts refer to the surface and deep ocean, respectively. In this three-box
model, the equilibrium partitioning of carbon between the ocean and atmosphere is

Coce

Catm
= F

(
Ms

Matm
+ DICd

DICs

Md

Matm

)
. 8.

Because the deep ocean volume is somuch larger than the surface ocean volume that is equilibrated
with the atmosphere, the simplifying assumption can be made thatMs → 0 andMd →Moce. Then
the relationship simplifies to

Coce

Catm
= F

(
DICd

DICs

Moce

Matm

)
, 9.

which is similar to the formula for the case in which the ocean is a homogeneous reservoir
(Equation 6) but multiplied by the factor of the ratio of DIC in the deep ocean to that in the
surface ocean. This ratio is about 1.1 in the preindustrial ocean (Table 1).

Using the parameters listed in Table 1, this simple three-box model (Figure 4) predicts a
ratio of Coce to Catm of 62 for the preindustrial equilibrium state, which is very close to the ratio
of 62.5 estimated from observations. Furthermore, if the total carbon content of the ocean and
atmosphere is specified to be 3.2 × 1018 mol C, Equations 3 and 9 imply an atmospheric pCO2

of 296 ppm, close to the preindustrial value of 280 µatm and roughly half the value predicted
for the case of a homogeneous ocean. These considerations show that the existence of the ocean
carbon pumps enhances the ocean carbon inventory by roughly 10% relative to a homogeneous
ocean and reduces the atmospheric carbon inventory by a factor of 2. The approximately 10 times
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Schematic diagram of a simple conceptual model of the ocean and atmosphere CO2 exchange, updated from Figure 3 to separate the
surface ocean that exchanges CO2 with the atmosphere and the deep ocean that does not. Also shown is the increase in dissolved
inorganic carbon (DIC) with depth in the contemporary ocean that is due to the ocean carbon pumps. F is the equilibrium carbon
capacity of seawater (Equation 2).

greater leverage of the carbon pumps over atmospheric CO2 than over the ocean carbon inventory
is quantified by the Revelle (or buffer) factor of roughly 10 for the preindustrial ocean (16, 46).

The 1D conceptual model of Figure 4 is sufficient to understand the effects of the carbon
pumps on the equilibrium partitioning of carbon between the ocean and atmosphere but not how
the pumps themselves operate. In the following section, I use oceanic DIC observations and an
ocean carbon cycle model to illustrate how the solubility and biological pumps control the spatial
distribution of DIC in the ocean and discuss the mechanisms by which they operate.
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3.1. Three-Dimensional Activities of the Solubility and Biological Carbon
Pumps from Modern Observations

Deep and bottom waters of the ocean have an average temperature of roughly −2–4°C (47).
These waters, which form in polar regions of the North Atlantic and in the Southern Ocean along
the Antarctic shelf (48), have approximately twice the solubility of average surface waters, which
have a temperature of roughly 20°C (31). The cold temperatures and enhanced solubility of the
ocean’s deep waters drive an increase in DIC with depth that is termed the solubility pump (42).
The magnitude of the solubility pump depends on the volume of the deep ocean ventilated by
cold, polar water masses compared to the (much smaller) volume of the oceanic thermocline that
is ventilated by the wind-driven subtropical circulation (49) and on the degree of air-sea CO2

disequilibrium in high-latitude regions (50, 51). Air-sea CO2 disequilibrium typically reduces the
magnitude of the solubility pump, because cold polar waters are often subducted into the deep
ocean before reaching chemical equilibrium with the overlying atmosphere. When this happens,
the deepwater masses have a deficit of DIC relative to what they would have at equilibrium, which
reduces the effectiveness of the solubility pump (50, 52, 53).

The exact magnitude of the solubility pump in the ocean is impossible to observe directly, be-
cause the observed DIC distribution results from the convolved effects of solubility, air-sea CO2

disequilibrium, the biological pump, and the invasion of anthropogenic CO2 into the ocean. In
this review, I separate these components using a global ocean carbon cycle model and modern
observations of DIC in the ocean (41). The impact of the solubility pump can be diagnosed using
a global ocean circulation model in which CO2 exchanges with a well-mixed atmosphere with a
fixed preindustrial atmospheric CO2 concentration of 280 ppm, using a wind-speed-dependent
model of CO2 gas exchange rates (54). The resulting oceanic DIC distribution at steady state is
called abiotic preindustrial DIC (Figure 5a–c) and reflects the influence of the solubility pump
in the preindustrial ocean under realistic gas exchange rates. The mean concentration of abiotic
preindustrial DIC is roughly 2,065 µmol kg−1, and the oceanic inventory of 34,230 GtC is ap-
proximately what would be expected from an ocean with a realistic thermal structure that is in
equilibrium with the preindustrial atmospheric CO2, with a slightly reduced DIC concentration
due to CO2 disequilibrium in cold deepwater formation regions (50). The thermal structure of
the ocean determines the spatial gradients of DIC in this model, with the warm waters of the sur-
face and thermocline having a DIC concentration of ∼2,030 µmol kg−1 and the coldest regions
of the deep Southern Ocean having a DIC concentration close to 2,100 µmol kg−1 (Figure 5a,b).
The overall surface-to–deep ocean gradient of DIC with a realistic solubility pump is roughly
90 µmol kg−1 (Figure 5c). If the ocean were in perfect equilibrium with atmospheric CO2, the
surface-to–deep ocean DIC gradient would be slightly larger at 150 µmol kg−1 and the oceanic
DIC inventory would be about 2% greater, or approximately 34,960 GtC (Figure 5c). Thus air-
sea CO2 disequilibrium reduces the carbon inventory of the preindustrial abiotic ocean by about
700 GtC.

The solubility pump accounts for roughly one-third of the vertical gradient of DIC in the
ocean. The remainder is due to the so-called biological pump. The biological pump occurs due to
the net ecosystem productivity of the surface ocean, which exports organic carbon into the
deep ocean by a variety of mechanisms that are discussed in Section 3.2. The influence of the
biological pump can be deduced by subtracting the abiotic preindustrial DIC from the observed
DIC concentration, after correcting the observations for the invasion of anthropogenic CO2

and the concentration and dilution of DIC resulting from evaporation and precipitation at the
sea surface. The invasion of anthropogenic CO2 can be quantified using model simulations
(41) (see Section 4), while the concentration and dilution of DIC resulting from evaporation
and precipitation can be accounted for by normalizing the DIC concentration to a common
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Figure 5

Preindustrial abiotic and biological DIC concentrations in the ocean. (a–c) Preindustrial abiotic DIC represents the distribution of DIC
in a preindustrial ocean without biological processes, and the surface-to–deep ocean gradient in DIC (c) results solely from the solubility
pump under realistic gas exchange. The red curve in panel c represents the vertical profile in DIC that would result if the ocean pCO2
were fully equilibrated with the atmosphere. (d–f ) Biological DIC is the difference between oceanic DIC in the preindustrial ocean and
the preindustrial abiotic DIC (after correcting for the effects of precipitation and evaporation) and represents the influence of
biological processes on the ocean DIC inventory. Abbreviations: DIC, dissolved inorganic carbon; EQ, equator; SP, South Pole.

reference salinity of 34.7 (55). After correcting for these factors, the resulting DIC concentration
can be considered biological DIC (Figure 5d–f ), which traces out the integrated impacts of the
biological pump on the ocean DIC concentration. Note that biological DIC is an excess or deficit
of inorganic carbon due to biological processes in the ocean and is not similar to organic carbon,
which is carbon fixed in organic molecules.

The presence of the biological pump leads to less DIC at the surface and more DIC in the deep
ocean, adding an additional surface-to–deep ocean gradient of about 200µmol kg−1 to the 90µmol
kg−1 present in the abiotic ocean (Figure 5d–f ). Biological DIC has a strong interbasin gradient,
and it accumulates in the interior ocean as water masses age following the deep ocean conveyor
circulation (56, 57). Deep waters in the North Atlantic are refreshed relatively rapidly, with ven-
tilation ages on the order of a century or so (58), and these waters have the lowest biological DIC
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concentrations of ∼30–60 µmol kg−1. The highest concentrations of biological carbon are found
in the mid-depth North Pacific, coincident with the oldest ventilation ages in the ocean of around
1,400 years (59).Overall, the concentration of biological carbon in the ocean has a good correlation
with ventilation age (r = 0.87). This general observation explains how changes in ocean ventila-
tion can drive changes in the strength of the biological pump, with weaker overturning circulation
leading to longer ventilation ages and a buildup of biological carbon in the interior ocean (60–62).

3.2. Mechanisms and Magnitude of the Biological Carbon Pump

Overall, the biological pump increases the inventory of DIC in the ocean relative to the case
in which there is no biological pump. Based on the average biological DIC concentration of
170 µmol kg−1, the global inventory of biological carbon in the ocean is roughly 2,800 GtC.
This is roughly 8% of the ocean’s total inorganic carbon inventory and is significantly larger than
the total inventory of organic carbon in the ocean, which is ∼600 GtC, most of which turns over
relatively slowly, on the order of every 10,000 years (24).

The total amount of carbon stored in the ocean due to the biological pump is a combination
of carbon both from respired organic matter, also known as the soft tissue pump (63), and from
dissolved calcium carbonate (CaCO3), also known as the carbonate pump (42). This separation is
conceptually important, as different mechanisms govern the magnitudes of each of these pools of
biological carbon. Also, while both pumps increase the accumulation of DIC in the interior ocean,
they have opposing effects on seawater pCO2. The formation of organic carbon by the soft tissue
pump reduces seawater pCO2 by removing DIC but leaving seawater pH relatively unchanged.
In contrast, the formation of CaCO3 reduces the seawater pH by effectively removing carbonate
ions from solution, which has the effect of raising seawater pCO2 (64).

The soft tissue biological pump results from the conversion of DIC to organic carbon by au-
totrophic net primary production (NPP) in the surface ocean, where sufficient light exists for
photosynthesis. This euphotic zone extends to depths of roughly 30–150 m in the open ocean, de-
pending on the water clarity (65). Global ocean NPP is approximately 50 GtC year−1 (14, 66), but
much of this NPP is metabolized by heterotrophic organisms in the euphotic zone and converted
back to DIC.Roughly 20% of the NPP, or about 10 GtC year−1 (67–70), escapes respiration in the
euphotic zone and is transported into the deep ocean by a variety of mechanisms. Mechanisms of
carbon export can be broadly classified as involving the gravitational settling of organic particles,
the physical mixing of organic carbon into the ocean’s deeper layers, or the vertical migrations of
organisms between the euphotic zone and deeper layers (71). Organic particles that sink under
the influence of gravity include the aggregates or flocculates of living or dead phytoplankton (72)
and fecal pellets produced by zooplankton (73) and fish (74, 75). The physical mixing of organic
carbon occurs due to the large-scale subduction (76) and the seasonalmixing (77) and eddy subduc-
tion (78) of water masses carrying particulate and dissolved organic carbon into the deeper ocean.
Large populations of both zooplankton (79) and fish (80) reside at depths several hundred meters
below the euphotic zone during the day and travel upward to the surface at night to feed. The
downward migrations of these organisms transport organic carbon into the deeper ocean, where
respiration and defecation release it back to the water column. The carbonate pump is carried out
by organisms that synthesize carbonates, primarily CaCO3, to form their hard exoskeletons.These
include phytoplankton such as coccolithophores and foraminifera (81) and zooplankton such as
pteropods (82). Calcifying benthic creatures such as crustaceans and mollusks do not contribute
to the carbonate pump, because they live on the seafloor.

The summed effect of the soft tissue and carbonate biological pumps is to remove DIC from
the surface and release it into the deeper water column, contributing to the buildup of biological
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DIC in the deep ocean (Figure 5). The amount of carbon sequestered by the biological pump is
determined by the sequestration time of remineralized DIC in the ocean (83). Each mechanism
of the biological pump has a characteristic sequestration time that is determined by how deep
the carbon is transported before being remineralized back to DIC (84) and on the regional ocean
circulation patterns that return this carbon to the sea surface (83). The mean carbon sequestration
time for the soft tissue pump is on the order of several hundred years (83), but it varies from a few
years to several decades for dissolved carbon mixed into the thermocline to close to a millennium
for carbon brought into the deep ocean well below the permanent thermocline (84).

How much do the soft tissue and carbonate pumps contribute to the total ∼2,800 GtC inven-
tory of biological DIC? Carbon sequestration by the soft tissue pump can be estimated from nu-
trient and oxygen observations, taking advantage of the stoichiometric ratios of carbon, nutrients,
and oxygen in marine organic matter (63, 85). Estimates based on oxygen and nutrient inventories
suggest that the soft tissue pump sequesters around 1,300 GtC (86), a number that is supported by
a data-constrained model of the biological pump (87). Analysis of the global alkalinity distribution
suggests that the carbonate pump may sequester roughly 540 GtC (86). These estimates are based
on the assumption that CO2 instantaneously equilibrates with the atmosphere at the sea surface.
However, this is not the case, because the chemical speciation of DIC in seawater leads to an air-
sea equilibration time of roughly 1 year for a 100-m-deep surface mixed layer (38). The difference
between the total biological carbon inventory and the estimated soft tissue and carbonate pumps
is roughly 1,000 GtC of biological DIC, which can be attributed to air-sea CO2 disequilibrium
that enhances the effectiveness of the biological pump by preventing the immediate outgassing
of biological DIC to the atmosphere in upwelling regions such as the Southern Ocean (88). This
large role for air-sea disequilibrium in enhancing the effectiveness of the biological carbon pump
is consistent with model simulations (88, 89). Note also that this increase in the biological car-
bon inventory of 1,000 GtC due to air-sea CO2 disequilibrium more than counterbalances the
−700 GtC weakening of the solubility pump due to air-sea disequilibrium, a conclusion that is in
agreement with previous data-based calculations (90) and models (52).

4. THE OCEANIC SINK FOR ANTHROPOGENIC CARBON

About 90% of DIC in the ocean is due to the chemical equilibration of the ocean with the prein-
dustrial atmosphere, which is only very slightly modified by air-sea disequilibrium (Figure 5a–c).
The second most important contributor to ocean DIC is the biological pump, which increases
the ocean DIC inventory by roughly 10% (Figure 5d–f ). The third and smallest component
of the contemporary ocean DIC reservoir is anthropogenic carbon, which is carbon that has been
absorbed by the ocean in response to rising atmospheric CO2 levels over the industrial era (91, 92)
(Figure 6a). Anthropogenic carbon cannot be observed directly due to its miniscule concentration
in the ocean, but it can be estimated by various indirect methods that combine both observations
and models (41, 93–95). One such estimate using an ocean circulation inverse model (41, 96) is
shown in Figure 6. The model uses physical ocean circulation tracers to estimate the 3D global
ocean circulation, and then uses this circulation model along with the atmospheric pCO2 time
history to calculate the invasion of anthropogenic CO2 into the ocean. As of 2018, the ocean had
accumulated ∼185 Gt of DIC from the uptake of anthropogenic CO2, representing an increase
in the ocean DIC inventory of 0.5%.

Despite the small inventory of anthropogenic DIC in the ocean compared to that of the
natural background, the oceanic uptake of anthropogenic CO2 is extremely important because
it helps to regulate Earth’s climate response to CO2 emissions (98). Humans have emitted
660 GtC (as of 2020) since the beginning of the industrial revolution through industrial activities
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(a) Ocean anthropogenic dissolved inorganic carbon (DIC) accumulation over time from an ocean circulation inverse model (OCIM)
(blue trace) compared with some prior estimates of the anthropogenic DIC inventory in the ocean. (b) Time evolution of air-sea
anthropogenic CO2 fluxes from OCIM (blue trace) and total CO2 fluxes from the Global Carbon Budget 2020 (15) (orange trace).
Positive values indicate net uptake of CO2 by the ocean. (c) Average global surface ocean pH over time from OCIM, compared with pH
measured near Hawai’i at Station ALOHA (97).

and deforestation (15), enough to raise the atmospheric CO2 by over 300 ppm. But roughly 60%
of these anthropogenic CO2 emissions have been offset by increases in the carbon inventory of
the ocean and the terrestrial biosphere (15), resulting in a more modest increase in atmospheric
CO2 of ∼130 ppm. The considerations addressed in Section 2 demonstrate that the ocean has a
vast capacity to take up anthropogenic CO2 once chemical equilibrium is reached, but its capacity
is not unlimited. Due to a reduction of the equilibrium carbon capacity of the ocean at higher
CO2 levels (Figure 3), fossil carbon added to the atmosphere will not ultimately be divided
among the ocean and atmosphere at the ∼62:1 ratio found in the preindustrial ocean. If the
total anthropogenic CO2 emissions were 100 Gmol C (roughly twice the amount that has so far
been emitted), and the solubility and biological pumps remain unchanged, the simple three-box
ocean-atmosphere model of Section 3 (Equations 3 and 9) predicts that this excess carbon will be
distributed between the ocean and atmosphere at a ratio of only ∼7:1. Thus, much of the ocean’s
carbon-buffering capacity has already been exhausted, and the ocean can only be expected to take
up ∼85% of anthropogenic CO2 emissions at chemical equilibrium. This neglects any long-term
dissolution of carbonate sediments, which could help to raise the buffering capacity of the ocean
and thereby increase the uptake of anthropogenic CO2 over tens of thousands of years (22).

In addition to its reduced equilibrium carbon capacity at higher CO2 levels, the ocean takes
up anthropogenic CO2 much more slowly than would be assumed from its relatively rapid air-
sea equilibration time. This is because the rate of anthropogenic CO2 uptake is limited not by
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gas exchange but by the rate of the ocean’s overturning circulation, which determines the rate
at which deep waters that are free of anthropogenic CO2 are exposed at the sea surface (99).
Because the ocean’s overturning timescale is on the order of 1,000 years, it will take millennia
before chemical equilibrium is reached between the atmosphere and the ocean.The contemporary
uptake of anthropogenic CO2 by the ocean is roughly 2.5 GtC year−1 (Figure 6b), equivalent to
about 25% of annual anthropogenic CO2 emissions, far below the equilibrium level.

The total air-sea CO2 flux in the contemporary ocean is the sum of the air-sea flux of anthro-
pogenic CO2, which determines the net invasion of CO2 into the ocean, and the large background
flux of natural CO2, which dominates the gross air-sea CO2 exchange (Figure 1). The total air-sea
CO2 exchange can be estimated frommeasurements of air and seawater pCO2 using bulk formulae
(100, 101). Thanks to a large and growing network of seawater pCO2 measurements from both
research cruises and ships of opportunity (102, 103), we can now reconstruct the variability of the
air-sea CO2 flux at a global scale since roughly the mid-1980s using various statistical, mechanis-
tic, or regression-based models (104–107). Comparing the average of these estimates (15) with
the air-sea flux of anthropogenic CO2, two distinct differences are clear (Figure 6b). First, the
total oceanic uptake of CO2 is less than the oceanic uptake of anthropogenic CO2. This differ-
ence indicates a net emission of natural CO2 from the ocean. Some of this must be driven by the
substantial transport of terrestrial carbon to the ocean by rivers and submarine groundwaters (10,
11), much of which is processed to DIC in the ocean and reemitted to the atmosphere. Estimates
of the oceanic outgassing of terrestrially derived CO2 range from 0.2 to 1.2 GtC year−1 (108, 109),
but there are large uncertainties in these estimates, and it is not clear if other natural processes are
causing a net influx or outflux of natural CO2 from the ocean over the past 30 years. The second
difference between the total and anthropogenic air-sea CO2 flux is that there is more variability
in the former than the latter. This variability must therefore reflect substantial variability in nat-
ural air-sea CO2 fluxes, which has been linked both to internal climate variability (110) and to
externally forced variability due to major volcanic eruptions (111).

As anthropogenic CO2 enters the ocean and accumulates as DIC, seawater pCO2 rises and
seawater pH declines. The decline of pH due to anthropogenic DIC accumulation is known
as ocean acidification (112). Over the industrial era, the average surface seawater pH has de-
clined by nearly 0.1 pH units, with the majority of this decline occurring in the past 50 years
(Figure 6c). In addition to reducing the equilibrium carbon capacity of seawater, ocean acidifi-
cation has the potential to adversely affect ocean ecosystems by enhancing the dissolution rates
of the carbonate skeletons of some marine organisms (113). As seawater pH drops, carbonate ion
(CO3

2−) concentrations also drop, reducing the thermodynamic stability of CaCO3 exoskeletons.
This has detrimental impacts on numerous marine organisms, including corals, planktonic
foraminifera and pteropods, mollusks, echinoderms, and the larval stages of fishes (114, 115).
Seawater pH is predicted to reach as low as 7.8 by the end of the twenty-first century following
business-as-usual emissions scenarios (116). This level of acidification could potentially result in
massive die-offs of coral reefs (117) and indicates that ocean acidification is a leading threat for
marine ecosystems in the twenty-first century (118).

The extent of ocean acidification is roughly proportional to the accumulation of anthropogenic
DIC in the ocean, and as such the greatest declines in pH to date have occurred in the surface
ocean, where the concentration of anthropogenic DIC is the highest (Figure 7a–c). Because of
the slow ventilation times of the deep ocean, anthropogenic DIC has not penetrated into the deep
layers of many parts of the ocean. The deepest penetration of anthropogenic carbon is found
in the North Atlantic (Figure 7b), where upwelling in the subpolar gyre exposes deeper waters
to the atmosphere where they can take up anthropogenic CO2, and deep waters forming in the
Labrador and Greenland Seas bring anthropogenic carbon into the deep ocean (119, 120). The
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(a–c) Anthropogenic DIC concentration in the ocean as of 2018, zonally averaged in the Pacific Ocean (a) and the Atlantic Ocean
(b), and a global vertical profile (c) showing the relatively shallow penetration of anthropogenic DIC in most parts of the ocean.
(d) Vertically integrated column inventory of anthropogenic DIC in the ocean as of 2018. Anthropogenic DIC estimates are from an
ocean circulation inverse model (41). Abbreviations: DIC, dissolved inorganic carbon; EQ, equator; SP, South Pole.

column inventory of anthropogenic DIC shows the greatest accumulation in the western North
Atlantic, associated with the southward-flowing deep western boundary current (Figure 7d).

Deep waters also form along the Antarctic margin, but the invasion of anthropogenic CO2

is hindered by sea ice in this region as well as by the short residence time of upwelled waters
at the surface, which reduces their capacity to equilibrate with the atmosphere (121). However,
the open Southern Ocean takes up significant amounts of anthropogenic CO2. This region is
the primary conduit for deep waters upwelling to the surface (122), and as these upwelled deep
waters are advected equatorward, they absorb anthropogenic CO2 from the atmosphere (123),
accounting for up to 40% of the oceanic uptake of anthropogenic CO2 (41, 124, 125).Most of the
anthropogenic CO2 taken up in the Southern Ocean is transported into the interior ocean within
northward-flowing intermediate water masses (126) and accumulates in the subpolar thermocline,
leading to high anthropogenic DIC inventories at around 30°S (Figure 7d).

The total accumulation of anthropogenic DIC in the ocean should not be confused with the
total amount of anthropogenic CO2 emissions that have entered the ocean. Because the ocean
and atmosphere exchange CO2 constantly, almost all anthropogenic CO2 emissions have most
probably entered the ocean at some point. However, much of this anthropogenic CO2 is cycled
through the wind-driven upper ocean circulation and evades back out to the atmosphere (127),
further reinforcing the idea that subduction of anthropogenic DIC into the ocean’s deeper layers
is the rate-limiting step on oceanic anthropogenic CO2 uptake.
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5. THE FUTURE OF THE OCEANIC CARBON SINK

The ocean provides a critical climate service by absorbing much of the CO2 emitted by industrial
activities, but this is challenged by the magnitude of the human disturbance of the natural carbon
cycle and the slow rate of ocean overturning, which limits the rate of oceanic CO2 uptake, as well
as the continued acidification of the ocean, which reduces its equilibrium capacity to absorb CO2.
The future of the ocean carbon sink is in some respects well charted, while in others significant
uncertainties remain. Here I outline some of the key knowns and unknowns regarding how the
ocean carbon cycle will respond to continued anthropogenic perturbations over the next century.

The primary, well-understood response of the ocean to ongoing industrial CO2 emissions is
absorption of anthropogenic CO2,which causes ocean acidification and a reduction of the equilib-
rium carbon capacity of the ocean. The chemical equilibrium effects are well understood, and the
ocean is predicted to absorb approximately 85% of human fossil fuel emissions, depending on the
cumulative amount of CO2 emitted.This will bemodified to some extent by warming of the ocean,
which reduces the solubility of CO2 and is projected to reduce oceanic CO2 uptake by ∼10% rel-
ative to nonwarming scenarios (128). The key unknowns with regard to these well-understood
chemical effects are the total amount of CO2 that will be emitted by industrial activities prior to
decarbonization and the total surface warming that will occur due to CO2 radiative effects (129).

The secondmost important influence on the evolution of the ocean carbon cycle in the twenty-
first century is the response of the ocean’s overturning circulation to anthropogenic warming.Nu-
merous modeling studies predict that the ocean’s overturning circulation will weaken as the ocean
becomes warmer and more stratified, which reduces deep convection in high latitudes (130–132).
The initial response of the carbon cycle to a reduction in overturning circulation is an increase in
the strength of the biological carbon pump driven by increased trapping of respired carbon in the
subsurface ocean (130, 133).At the same time,however, the rate of oceanic anthropogenic CO2 up-
take is reduced as the overturning circulation weakens and less anthropogenic DIC is transported
into the ocean’s deeper layers (130, 131). Over time, most models predict that the reduction of
anthropogenic CO2 uptake outweighs the increase in biological carbon storage, and thus reduced
overturning has the overall effect of weakening the ocean carbon sink (130, 131, 134).

A knock-on effect of enhanced ocean stratification and reduced overturning is that the supply
of nutrients to surface waters from the mixing and upwelling of deep waters is reduced. Models
suggest that this reduction in nutrient supply, combined with warmer ocean surface temperatures,
will drive declining biological productivity in the surface ocean and declining carbon export
(69, 135). Some models project drastic reductions in marine ecosystem productivity due to
semicollapsed overturning circulation several hundred years in the future (136). This projected
reduction in carbon export weakens the biological carbon pump, working against the effects of
slower overturning circulation that serve to trap more respired carbon in the deep ocean. The
total strength of the biological pump can be expressed as the product of the carbon export and
the sequestration time of respired carbon in the deep ocean (83), with weaker overturning leading
to longer sequestration times. It is not clear which of these opposing effects, the reduction in
carbon export or the increase in the sequestration time of respired carbon, will be more important
and therefore how the strength of the ocean’s biological carbon pump will change in the future.
Resolution of this issue requires a better understanding of the sensitivity of ocean carbon export
to climate change (137, 138).

A final consideration is whether deliberate human interventions can or will have an impact on
the trajectory of the ocean carbon cycle in the next century. Interest is building in geoengineering
approaches to combat CO2-induced global warming by manipulating the ocean’s natural carbon
cycle (139). These approaches generally fall under one of two categories: enhancing the rate at
which DIC is transferred from the surface ocean or atmosphere to the deep ocean or manipulating
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the chemistry of the ocean to increase its carbon-buffering capacity. Examples of the former
include enhancing ocean productivity and carbon export by adding fertilizing nutrients such as
iron to seawater (140) or ocean afforestation via seaweed farming (141), while examples of the
latter include the deliberate dissolution of minerals in seawater to change the acid-base balance
toward a more alkaline and higher-pH ocean (142). A full analysis of these strategies can be found
in other reviews (143), but they all involve speeding up natural processes in the ocean carbon
cycle. Approaches such as ocean fertilization or afforestation enhance the transfer of carbon from
the surface ocean to the deep ocean and thereby speed up the rate at which the ocean takes up
anthropogenic CO2, which is otherwise naturally controlled by the ocean’s overturning circu-
lation over centennial to millennial timescales. Ocean alkalinization mimics natural weathering
processes that would naturally work to gradually restore the ocean’s carbon-buffering capacity on
timescales of tens of thousands to millions of years (22). Thus, these schemes cannot change the
ultimate response of the ocean or the atmosphere to anthropogenic CO2 emissions.

SUMMARY POINTS

1. The ocean controls the atmospheric CO2 concentration on timescales of decades to
millennia, and the equilibrium partitioning of carbon between the ocean and atmosphere
is determined by the relative mass of the ocean and atmosphere, the chemical carbon
capacity of the ocean, and the magnitude of the ocean carbon pumps.

2. Conceptual models, ocean biogeochemical models, and modern dissolved inorganic car-
bon (DIC) observations all suggest that the biological pump increases the ocean DIC
inventory by almost 10% (2,800 GtC), reducing atmospheric CO2 by roughly half.

3. The ocean at present absorbs CO2 at a rate that is equivalent to roughly 25% of
anthropogenic CO2 emissions, well below its theoretical maximum capacity of 85% due
to the slow rate of ocean overturning circulation.

4. Several feedbacks will work to weaken the rate of anthropogenic CO2 uptake in the
future, including ocean acidification, which reduces the equilibrium carbon capacity of
seawater; ocean warming, which reduces the CO2 solubility; and slowing ocean over-
turning circulation, which reduces the rate at which anthropogenic CO2 penetrates into
the deeper ocean.

5. Uncertainty in the rate at which the ocean will absorb CO2 in the coming decades is
mainly due to uncertainties in how ocean circulation will respond to climate change,with
potentially large and often opposing effects on the air-sea carbon balance through its
effects on carbon export, the sequestration time of biological carbon, and the subduction
of anthropogenic CO2 into the deep ocean.

FUTURE ISSUES

1. Anthropogenic CO2 uptake is reasonably well quantified for the contemporary ocean but
is sensitive to ongoing changes in the ocean’s overturning circulation. Continued obser-
vations of changes in the oceanic DIC inventory and development of high-resolution
models that can accurately capture ocean circulation changes in response to climate
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change will be needed to provide accurate estimates of ocean anthropogenic CO2 uptake
moving forward.

2. The gross air-sea CO2 flux is dominated by naturally occurring CO2, and these fluxes
may be highly sensitive to ongoing climate change, including changes in ocean circula-
tion, the biological carbon pump, and the transport of carbon from terrestrial ecosystems
into the ocean. Sustained and intensive measurements of seawater pCO2 throughout the
ocean are required in order to assess the magnitude of natural ocean CO2 emissions to
the atmosphere, and how they are changing with time.

3. The response of the ocean’s biological systems to climate change is very poorly under-
stood. A better understanding of the mechanisms and magnitudes of the ocean’s biolog-
ical carbon pump is needed to gauge how ocean productivity, carbon export, and carbon
storage by the biological pump will behave in a changing climate.

4. Geoengineering of the ocean carbon sink may be useful for mitigating climate change
due to rising CO2 levels by enhancing the rate of oceanic CO2 uptake, but geoengi-
neering approaches cannot change the equilibrium partitioning of carbon between the
ocean and atmosphere. Abating industrial CO2 emissions is the only permanent solution
to reducing atmospheric CO2 levels.
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